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Abstract12

We describe and analyze the results of a three-dimensional seismic (i.e. acoustic)13

reflection survey from the Faroe-Shetland Channel that is calibrated with near-coincident14

hydrographic and satellite observations. 54 vertical seismic transects were acquired over15

a period of 25 days. On each transect, a 250–400 m band of reflections is observed within16

the water column. Hydrographic measurements demonstrate that this reflective band17

is caused by temperature variations within the pycnocline that separates warm, near-18

surface waters of Atlantic origin from cold, deep waters which flow southward from the19

Nordic Seas. Tilting of reflective surfaces records geostrophic shear between these near-20

surface and deep waters. Measurements of temporal changes of pycnoclinic depth and21

of reflection tilt are used to infer the existence of an anticyclonic vortex that advects north-22

eastward. Comparison with satellite measurements of sea-surface temperature and height23

suggests that this vortex is caused by meandering of the Continental Slope Current. A24

model of a Gaussian vortex is used to match seismic and satellite observations. This pu-25

tative vortex has a core radius of 20–30 km and a maximum azimuthal velocity of 0.3–26

0.4 m s−1. It translates at 0.01–0.1 m s−1. Within the pycnocline, diapycnal diffusiv-27

ity, K, is estimated by analyzing the turbulent spectral subrange of tracked reflections.28

K varies between 10−5.7 and 10−5.0 m2 s−1 in a pattern that is broadly consistent with29

translation of the vortex. Our integrated study demonstrates the ability of time-lapse30

seismic reflection surveying to dynamically resolve the effects that mesoscale activity has31

upon deep thermohaline structure on scales from meters to hundreds of kilometers.32

1 Introduction33

The global overturning circulation is driven by a cascade of energy across scales34

ranging from millimeters to thousands of kilometers (Ferrari & Wunsch, 2009). This cas-35

cade involves interactions between geostrophically balanced motions, internal waves, and36

small-scale turbulence (Wunsch & Ferrari, 2004). Over the last century, development of37

specialised instrumentation such as conductivity-temperature-depth (CTD) probes, shear38

probes and observational satellites has revolutionized our understanding of this cascade39

(e.g. Apel, 1972; Gregg & Cox, 1971; Jacobsen, 1948). However, it has proven difficult40

to simultaneously acquire measurements on all relevant scales (Ferrari, 2014; Ferrari &41

Wunsch, 2010). Development of an improved understanding using new observational tech-42
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niques will be the key to accurately parametrizing the overturning circulation and as-43

sessing its effect on climate (McWilliams, 2016).44

Seismic (i.e., acoustic) imaging provides an important new tool with which to in-45

vestigate the energy cascade. Variations of temperature and salinity within the water46

column cause changes in acoustic impedance, which is the product of sound speed and47

density, that are observable using standard seismic reflection profiling (Holbrook, Páramo,48

Pearse, & Schmitt, 2003). This profiling can image the structure of the water column49

down to abyssal depths over ranges of hundreds of kilometers and it is sensitive to tem-50

perature contrasts as small as 0.03°C (Nandi, Holbrook, Pearse, Páramo, & Schmitt, 2004).51

Significantly, seismic images have vertical and horizontal resolutions on the order of 10 m.52

Equal resolution in both vertical and horizontal directions distinguishes this imagery from53

conventional sampling methods (e.g. acquisition of hydrographic casts along a transect).54

The combination of long-range transects and high resolution makes seismic imaging ide-55

ally suited for exploring dynamical links between mesoscale motion on horizontal length56

scales of up to ∼ O(105) m and turbulence on horizontal length scales of ∼ O(102) m57

(B. R. Ruddick, 2018).58

Previous seismic reflection studies of thermohaline structure have mostly been lim-59

ited to analysis of individual transects, referred to here as two-dimensional seismic sur-60

veys. Three-dimensional seismic surveys are designed so that tens to hundreds of closely61

spaced transects are acquired within a small area over short periods of days to weeks.62

These sets of transects enable the evolution of fine-scale structure to be determined through63

time and space. Blacic and Holbrook (2010) have observed internal waves on a three-64

dimensional survey that was acquired over the course of a single day. Tang, Tong, Hobbs,65

and Maqueda (2019) have monitored the evolution of an individual thermohaline layer66

using three closely spaced seismic transects that were acquired over a period of four days.67

Notwithstanding these studies, the potential of three-dimensional surveys to repeatedly68

image localized thermohaline structures over a period of several weeks, which was first69

recognized by Pearse, Holbrook, Paramo, and Schmitt (2003), has not yet been fully ex-70

ploited. Here, we show how this time-lapse imaging is uniquely capable of probing large71

volumes of water mass with a view to understanding spatial and temporal variations of72

mesoscale and fine-scale structures from the sea surface to the sea bed.73
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We exploit seismic reflection records acquired over a period of 25 days in summer74

1997 to investigate the energy cascade within the Faroe-Shetland Channel. This chan-75

nel is an important conduit for northward transport of heat and salt from the Atlantic76

Ocean to the Nordic Seas, and for southward flow of cold deep waters that form a sig-77

nificant component of the Meridional Overturning Circulation (e.g., Berx et al., 2013;78

Olsen, Hansen, Quadfasel, & Østerhus, 2008; Østerhus et al., 2019). However, quantifi-79

cation of mean fluxes through the channel is complicated by intense activity at the mesoscale80

and at fine scales. Developing an understanding of the effects of this activity, which in-81

cludes eddies, trains of solitary waves, and an internal tide with an amplitude of ∼ 40 m,82

is essential to accurately parametrizing climatic models (e.g. H. Dooley, 1975; H. D. Doo-83

ley & Meincke, 1981; Hall, Berx, & Damerell, 2019; Hall, Huthnance, & Williams, 2011;84

Hosegood, Bonnin, & van Haren, 2004; T. Sherwin, 1991; T. J. Sherwin, Turrell, Jeans,85

& Dye, 1999; T. J. Sherwin, Williams, Turrell, Hughes, & Miller, 2006). Mesoscale and86

fine-scale fluctuations within the channel have important implications for fish stocks and87

for the safe operation of deep-sea rigs (e.g., Gallego et al., 2018; Hansen & Jákupsstovu,88

1992; Shelton, Turrell, Macdonald, McLaren, & Nicoll, 1997).89

Our investigation is divided into a series of steps. First, we summarize the regional90

hydrography and gauge its response to seismic imaging. Secondly, a three-dimensional91

seismic survey is processed using an adapted methodology to yield 54 time-lapse acous-92

tic images that reveal the thermohaline structure within part of the channel. Thirdly,93

we develop methods for estimating interface depths, current flow, and diapycnal diffu-94

sivities from these spectacular images. Fourthly, the temporal variation of interface depths95

and of current flow are accounted for using a simplified dynamical model. This model96

is tested against coincident satellite measurements of sea-surface temperature and of sea-97

surface height. Finally, the physical implications of our results for northward flux of heat98

and salt are discussed.99

2 Hydrographic Framework100

We outline the hydrography of the Faroe-Shetland Channel, paying particular at-101

tention to the way in which thermohaline structure is acoustically recorded by seismic102

profiling. Seismic reflection experiments typically exploit acoustic waves within a frequency103

range of 15–45 Hz. At these frequencies, vertically propagating acoustic waves are sen-104

sitive to temperature and salinity changes on vertical length scales of . 100 m.105
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Local hydrography is illustrated using 26 CTD casts that were acquired in the deep106

(i.e., > 800 m) portion of the channel during June-September 1997 (Figures 1b and 2a,b).107

Composition of waters within the upper ∼ 300–600 m above the Shetland slope is pre-108

dominantly determined by the Continental Slope Current, which transports warm saline109

North Atlantic Water (NAW) northeastward into the Nordic Seas (Figure 1a; Booth &110

Ellett, 1983; Swallow, Gould, & Saunders, 1977). Waters within the upper ∼ 300–600 m111

of the deep channel are mainly composed of Modified North Atlantic Water (MNAW;112

Hansen & Østerhus, 2000). Conservative temperature, Θ, and absolute salinity, SA, vary113

slowly as a function of depth within these upper layers with minor fluctuations of ∼ 0.1°C114

and ∼ 0.02 g kg−1 on vertical length scales of ∼ 10 m. These fluctuations are expected115

to give rise to weak seismic reflections. Within the deeper part of the channel, a pycn-116

ocline at 300–700 m separates NAW and MNAW from deep overflow waters (e.g., Gould,117

Loynes, & Backhaus, 1985; Larsen, Hansen, Kristiansen, & Østerhus, 2000). Within this118

pycnocline, Θ and SA decrease rapidly as a function of depth (0°C . Θ . 7°C and 35.1 g kg−1119

. SA . 35.4 g kg−1). Fluctuations on the order of 1°C and 0.05 g kg−1 over vertical120

length scales of order 10 m are expected to give rise to clearly visible seismic reflections.121

Cold overflow waters are found at depths greater than 500–700 m. These waters are dom-122

inated by Norwegian Sea Deep Water (NSDW) with smaller quantities of Norwegian Sea123

Arctic Intermediate Water (NSAIW) and Modified East Icelandic Water (MEIW) at in-124

termediate depths (Hansen & Østerhus, 2000). Θ and SA have nearly constant values125

of −1 °C and 35.1 g kg−1, respectively. Thus sharp contrasts on seismically resolvable126

vertical length scales are not observed.127

The response of thermohaline structure to transmission and reflection of acoustic128

waves can be quantitatively investigated by constructing synthetic seismograms. Pro-129

files of in situ density and bulk modulus are first calculated using the GSW TEOS-10 em-130

pirical equation of state for seawater (IOC, SCOR, & IAPSO, 2010). Vertical propaga-131

tion of a Ricker wavelet with a peak frequency of 30 Hz through these profiles is numer-132

ically simulated by using a one-dimensional spectral element method (Komatitsch & Tromp,133

1999; Wang, 2015). This method is a suitable first-order approximation that includes mul-134

tiple internal reflections but does not account for non-normal incidence of waves or for135

repeated signal sampling. In order to enable comparison with observed seismic images,136

two-way travel time is converted into depth by assuming a constant sound speed of 1480 m s−1,137

frequency content is filtered using a low-cut (< 30 Hz) Butterworth frequency filter, and138
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reflections within the top 100 m are excised. Resultant synthetic seismograms show that139

bands of bright reflectivity match observed temperature and salinity changes within the140

pycnocline (e.g. Figure 2i). Above and below the pycnocline, reflectivity is either weak141

or absent.142

In order to dynamically interpret these bright reflections, it is important to under-143

stand how they relate to isothermal and isopycnal surfaces within the pycnocline. We144

compute in situ density, ρ, potential density, ρθ, buoyancy frequency, N , sound speed,145

c, and acoustic impedance, I, from CTD profiles using the GSW TEOS-10 equation of146

state (IOC et al., 2010). Profiles of N are smoothed using a boxcar filter of length 100 m147

to eliminate regions of unstable stratification (Figure 2c). Comparison with profiles of148

N that were computed using decimated depth intervals suggests that smoothed profiles149

are sensitive to changes in density over vertical distances of & 10 m. Θ, c and I are strongly150

correlated with each other within the pycnocline (i.e. r ≈ 0.99), suggesting that reflec-151

tivity is predominantly controlled by temperature rather than by salinity (Figure 2a,g,h;152

B. Ruddick, Song, Dong, & Pinheiro, 2009). Following Sallarès et al. (2009), we estimate153

that temperature variations are responsible for ∼ 95% of observed reflectivity. Seismic154

reflections therefore closely track isothermal surfaces within the pycnocline. Observa-155

tional studies and numerical simulations suggest that correspondence between reflective156

and isopycnal surfaces depends upon local hydrography (e.g. Barbosa Aguiar, Ménesguen,157

Le Gentil, Schopp, & Carton, 2015; Biescas et al., 2014; Holbrook et al., 2013; Krahmann,158

Papenberg, Brandt, & Vogt, 2009; Meunier et al., 2019). A rigorous determination of159

the local relationship between reflective and isopycnal surfaces is beyond the scope of160

this study. However, following the approach of Sheen, White, Caulfield, and Hobbs (2011),161

we note that there is a reasonable correspondence between vertical profiles of (∂ρθ/∂z)162

and of reflection coefficients, R, computed directly from CTD casts. In particular, ex-163

tremal values of (∂ρθ/∂z) correspond to extremal values of R, suggesting that the bright-164

est reflections track isopycnal surfaces.165

3 Seismic Reflection Images166

3.1 Survey Acquisition167

A three-dimensional seismic survey was acquired close to the center of the Faroe-168

Shetland Channel by the vessel PGS Ramform Explorer between 27 July and 20 August169
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1997 (Figure 1b). Acquisition dates are referred to by Year Day so that 27 July = Day170

208 and 20 August = Day 232. During acquisition, the vessel repeatedly traversed the171

axis of the channel, alternating between travelling from southwest to northeast and from172

northeast to southwest in what is referred to as racetrack mode. This form of acquisi-173

tion is carried out to enable broad turning which is necessary when these seismic sur-174

veys are carried out. In this way, the vessel acquired 54 parallel transects that can be175

divided into two groups, labeled Sector A and Sector B (Figure 1c). The 27 transects176

of each sector were acquired while the vessel travelled northeastward (A) or southwest-177

ward (B). Note that transect B27 is anomalous since it was acquired in a northeastward178

direction. Sectors A and B are located to the northwest and to the southeast, respec-179

tively (Figure 1c). Each transect is labeled according to its position within the sector.180

Thus transects A1 and A27 are the first and last transects to have been acquired within181

Sector A (Figure 1b). Sequential acquisition by racetrack mode means that adjacent tran-182

sects within the same sector (e.g. A1 and A2) are spatially separated by ∼ 300 m in the183

cross-channel (i.e. northwest-southeast) direction but temporally separated by ∼ 1 day.184

Subsequent transects from different sectors (e.g. A1 and B1) are spatially separated by185

∼ 9 km in the cross-channel direction and temporally separated by ∼ 12 hours. The186

27 transects of Sector A are ∼ 9 km long and are located in water depths of 1070–1100 m.187

The 27 transects of Sector B are ∼ 7 km long and are located in water depths of 970–188

1070 m.189

Vessel speed, uv, varied between ∼ 1.8 m s−1 and ∼ 2.5 m s−1 (Table A.1). Mean190

values of uv for Sector A and Sector B are 2.29 ± 0.15 m s−1 and 2.08 ± 0.15 m s−1,191

respectively. Average speed for Sector B is probably lower because the vessel was trav-192

elling against the strong northeastward-flowing Continental Slope Current (Booth & El-193

lett, 1983; Swallow et al., 1977). Sea-surface conditions were generally good during seis-194

mic surveying, although acquisition was briefly halted on Day 211 and on Day 212 due195

to strong surface waves. See Table A.1 for further acquisition details.196

The seismic vessel towed two acoustic sources at an average depth of 7.5 m that197

were separated by 50 m in the cross-streamer (i.e. northwest-southeast) direction. Each198

of these sources comprised a tuned array of airguns with a total volume 3090 cubic inches,199

which was primed with air that had a pressure of 2000 psi. The two sources were alter-200

nately fired every 10–14 s depending upon the speed of the vessel, which corresponds to201

a distance along the ground of 25 m. Each source generated an acoustic impulse (i.e. source202
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wavelet) that closely approximates a Ricker wavelet with a peak frequency of 15–45 Hz203

(Wang, 2015). This impulse was principally directed downward through the water col-204

umn where it was progressively transmitted and reflected at boundaries where acous-205

tic impedance changed. Reflected waves were recorded along eight streamers (i.e. cables206

of hydrophones), which were each 3.6 km long and towed at an average depth of 9 m.207

The nominal (i.e. intended) lateral separation between adjacent streamers was 50 m and208

each streamer had 288 hydrophone arrays that were spaced every 12.5 m. The hydrophone209

sampling interval was 2 ms. Under optimal conditions, each transect consists of 16 nom-210

inal lines that are separated laterally by 25 m. Each of these lines has a nominal fold of211

cover (i.e. redundancy) of 36. Comprehensive accounts of seismic acquisition procedure212

and terminology are given by Sheriff and Geldart (1995), B. Ruddick et al. (2009) and213

Song, Pinheiro, Ruddick, and Huang (2012).214

3.2 Signal Processing215

Processing of seismic reflection data has been carried out using standard methods216

that are adapted from those used to construct images of the solid Earth (Yilmaz, 2001).217

There are three important steps. First, noise is removed from the records. Ambient noise218

generated by surface waves and by mechanical vibration is suppressed using a low-cut219

(< 30 Hz) Butterworth frequency filter. After filtering, reflections from the solid Earth220

are excised. Sound that propagates directly from the source toward the receivers is re-221

moved using an adaptive filter. Seismic amplitudes are approximately corrected to ac-222

count for geometric spreading of the wave field as it propagates through the water col-223

umn.224

Secondly, recorded positions of source and receivers for each airgun shot are used225

to calculate the midpoint coordinates of each source-receiver pair. Based on these co-226

ordinates, records are binned into a two-dimensional spatial grid. Cells within this grid227

are referred to as common midpoints (cmps). Data from different source-receiver pairs228

are recorded many times at each cmp, enhancing the signal-to-noise ratio. Under opti-229

mal conditions, data acquired by this seismic survey should be binned using a cmp grid230

with a spacing 6.25 m parallel to direction of travel and 25 m perpendicular to this di-231

rection. During surveying, however, the streamers were laterally deflected from their in-232

tended positions by strong surface currents. This deflection reduced the number of times233

that each cmp location was sampled, which degrades the signal-to-noise ratio. We found234
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that the best compromise between spatial resolution and signal-to-noise ratio was achieved235

by binning data using a cmp grid with a spacing 6.25 m parallel to direction of travel236

and 50 m perpendicular to this direction.237

Thirdly, seismic records belonging to the same cmp are added together to gener-238

ate coherent seismic signals with improved signal-to-noise ratios. This procedure is known239

as stacking. Sesimic data are recorded as a function of the time that elapses between gen-240

eration and detection of acoustic energy, which is referred to as two-way travel time. Hor-241

izontal separation between source and receivers leads to a progressive time delay called242

normal move-out. Before stacking, records must be corrected for this normal move-out.243

Accurate correction is predicated upon knowledge of the root-mean-square (rms) sound244

speed of seawater as a function of two-way travel time. The rms sound speed can be ex-245

tracted directly from seismic data by analyzing source-receiver pairs that belong to the246

same cmp. A profile of sound speed as a function of two-way travel time is selected that247

maximizes the coherency between seismic reflections recorded at different source-receiver248

separations. This procedure is known as velocity analysis. Velocity analysis for the wa-249

ter column is generally carried out by hand. Fortunately, this particular seismic survey250

has an excellent signal-to-noise ratio and we found that an automated velocity analy-251

sis algorithm performed well. Velocity analysis was carried out every 312.5 m in the along-252

streamer direction and every 50 m in the cross-streamer direction. Excessive frequency253

distortion at large source-receiver separation is minimized by applying a stretch mute254

of 0.5 (Buchholtz, 1972; Yilmaz, 2001). Seismic records were not spatially migrated since255

migration algorithms can significantly damage spectral content at high horizontal wavenum-256

bers (Dickinson, White, & Caulfield, 2017; Falder, White, & Caulfield, 2016).257

Following normal move-out correction, cmp records are stacked together which im-258

proves the signal-to-noise ratio. 36 source-receiver pairs belong to each cmp. These pairs259

were acquired during a time interval of between 12 and 17 minutes (Falder et al., 2016).260

Application of the stretch mute excises records that take the longest duration to record.261

On each image, information contributing to a single point on a reflection at a depth of262

700 m is therefore recorded over an interval of 5–7 minutes, depending upon vessel speed.263

A single point on a shallower reflection is imaged over a shorter interval of time. Note264

that an interval of < 7 minutes is much shorter than the mean buoyancy period within265

the pycnocline (N . 3 cph; Figure 2). We are therefore confident that individual points266

along a given reflection can be regarded as being close to stationary. It is important to267
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emphasize that this conclusion applies only to individual points on an image. All of the268

information on a single image that is ∼ 9 km long is recorded over a period of 60–80 min-269

utes during which thermohaline structure will evolve. Note that thermohaline structure270

will significantly change over the 25 days taken to acquire all 54 transects.271

Signal processing yields a suite of 54 transects, each of which consists of up to nine272

parallel seismic images that are . 9 km long and separated by 50 m. Each image can273

be regarded as a vertical slice through the water column extending from the sea surface274

to the sea bed. Here, we do not exploit the three-dimensional nature of parallel images275

belonging to a single transect. Instead, we select one image from the center of each tran-276

sect and analyse time-lapse variations between different transects.277

3.3 Reflective Structure278

Most of the 54 seismic images are characterized by a band of bright reflections that279

corresponds to the deep pycnocline (Figures 3 and 4). Reflections within the pycnocline280

are generally continuous over several kilometers and sometimes span the entire length281

of an image (. 9 km). Undulations with wavelengths ∼ 1–2 km and amplitudes . 30 m282

are indicative of an energetic internal wave field (e.g. Figure 3i). Many, but not all, of283

these undulations have narrow peaks, which suggests that they are non-linear internal284

solitary waves similar to those observed by Hosegood et al. (2004) and by Hall et al. (2011).285

At greater depths, reflectivity is absent due to the homogeneity of FSCBW. Above the286

pycnocline, several images have shorter and fainter reflections. For example, a near-surface287

band of reflections at depths shallower than ∼ 200 m is visible on many images. This288

band probably corresponds to a seasonal near-surface pycnocline that typically devel-289

ops during June-October (e.g., Turrell, Hansen, Hughes, & Østerhus, 2003).290

Note that it is not straightforward to identify specific water masses on these seis-291

mic images. We henceforth refer to all water masses above the pycnocline (i.e. NAW and292

MNAW) as Faroe-Shetland Channel Upper Water (FSCUW). Water masses below the293

pycnocline (i.e. NSDW, NSAIW and MEIW) are referred to as Faroe-Shetland Chan-294

nel Bottom Water (FSCBW; Turrell, Slesser, Adams, Payne, & Gillibrand, 1999). E. A. Vsemirnova,295

Hobbs, and Hosegood (2012) observe the deep pycnocline on a similar seismic image within296

the Faroe-Shetland Channel. However, they do not analyze the pycnoclinic fine-scale struc-297
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ture in detail. Instead, they focus on analysis of turbid layers within the lowermost ∼298

100 m of the water column.299

Taken together, our 54 seismic images reveal three striking features (Figure 4). First,300

the depth of the seismically imaged pycnocline clearly varies by ∼ 400 m across the suite301

of images. Secondly, reflections within the pycnocline are often steeply tilted with re-302

spect to the horizontal. Thirdly, it is notable that images from Sectors A and B have closely303

similar variations of pycnoclinic depth and of reflection tilt. It is likely that these vari-304

ations are caused by a temporally varying phenomenon and not by the spatial separa-305

tion between different transects. We investigate this variation by developing quantita-306

tive methods for mapping changes in pycnoclinic depth, in reflection tilt, and in turbu-307

lent mixing.308

4 Properties of Seismically Imaged Pycnocline309

4.1 Depth Measurements310

Upper and lower boundaries of the seismically imaged pycnocline are identified on311

each image using an objective method that is based upon changes of seismic amplitude312

as a function of depth. The uppermost 150 m and the outermost 1 km on each side of313

an image are excluded to avoid contamination resulting from the presence of bright near-314

surface reflections and from low fold of cover, respectively. First, stacked seismic ampli-315

tudes are converted into absolute values by replacing negative amplitudes with their mod-316

uli (Figure 5b). Secondly, these absolute values are vertically smoothed using a boxcar317

filter of length 32 samples (∼ 50 m; Figure 5c). Thirdly, smoothed values are horizon-318

tally averaged to yield a single profile, which represents variation in mean amplitude as319

a function of depth (i.e. Profile D; Figure 5d). Fourthly, Profile D is normalized in or-320

der to identify rapid changes of amplitude with depth. To identify the upper boundary321

of the band of bright reflections, the value of Profile D at any depth is normalized by the322

mean value of the profile at all shallower depths to give Profile E (Figure 5e). The up-323

per boundary is identified as the shallowest depth, z1, at which Profile E exceeds a cho-324

sen threshold value.325

Applying this approach to synthetic seismograms shows that a threshold value of326

1.5 optimally identifies the upper boundary of the pycnocline where Θ, SA and ρθ most327

rapidly vary. To identify the lower boundary of the band, the value of Profile D at any328
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depth is normalized by the mean value of the profile at all greater depths to give Pro-329

file F (Figure 5f). The lower boundary is identified as the greatest depth, z2, at which330

Profile F exceeds a chosen threshold value. A threshold value of 2.0 is determined by car-331

rying out tests upon synthetic seismograms. Estimated uncertainties for z1 and z2 are332

assigned by identifying the depth range over which contiguous values on profiles E and333

F vary away from the chosen threshold values by ±0.5. It is important to note that these334

uncertainties give only an indication of the sharpness of change in seismic amplitude with335

depth and they should not be regarded as formal estimates. We have not quantified these336

uncertainties more robustly since they have an insignificant effect upon subsequent anal-337

ysis.338

We apply this algorithm to 26 synthetic seismograms calculated from CTD casts339

in order to constrain the density structure of the seismically imaged pycnocline. Values340

of ρθ and N within each of the 26 identified pycnoclines are averaged to yield mean py-341

cnoclinic values of 〈ρθ〉p = 1027.8±0.3 kg m−3 and 〈N〉p = 2.0±0.3 cph, respectively.342

The average potential density of waters above the pycnocline (i.e. FSCUW) is ρ̄θ1 =343

1027.6±0.3 kg m−3. The total change in potential density across the pycnocline, (∆ρθ)p,344

is 0.6± 0.1 kg m−3. These values are tabulated in Table 1.345

4.2 Tilt Measurements346

Reflection tilt between depths of z1 and z2 is calculated by tracking reflections that347

are greater than 2 km long. These reflections are tracked by contouring a constant value348

of the cosine of the instantaneous phase angle, a seismic attribute which emphasizes re-349

flective continuity (Barnes, 2007). The value of this attribute is unaffected by seismic350

amplitude and so continuous faint reflections are tracked just as reliably as brighter re-351

flections. Tracked reflections that are shorter than 2 km are discarded. We found that352

this cut-off length provides an optimal compromise between capturing long-wavelength353

tilt and tracking a sufficient number of reflections. Transect B23 has only two trackable354

reflections and so it is excluded from further analysis. For all other transects, the num-355

ber of tracked reflections on each image varies between 14 and 123. The total length of356

tracked reflections is 7,650 km.357

Straight lines are fitted to tracked reflections using least squares linear regression.358

The gradient of each tracked reflection, tan(γ), is computed, where γ is the angle between359
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the reflection and a geopotential surface (i.e. the horizontal level). On each seismic im-360

age, individual gradients are averaged to yield a weighted estimate of the mean gradi-361

ent, 〈tan(γ)〉p within the identified pycnocline (Figure 6). When calculating 〈tan(γ)〉p,362

values of tan(γ) corresponding to longer reflections, which better capture long-wavelength363

tilt, are more heavily weighted. Values of 〈tan(γ)〉p < 0 correspond to reflections that364

tilt down toward the southwest (i.e. negative tilt). Values of 〈tan(γ)〉p > 0 correspond365

to reflections tilting down toward the northeast (i.e. positive tilt). Measured values of366

〈tan(γ)〉p lie within the range −1.25×10−2 to 1.75×10−2, which corresponds to |γ| .367

1°. Standard deviations for 〈tan(γ)〉p fall betwen 0.25× 10−2 and 1.3× 10−2.368

These values are computed by implicitly assuming that the imaged structures re-369

main stationary over the period of ∼ 1 hour taken to acquire a seismic transect. We read-370

ily acknowledge that thermohaline structure can vary significantly on this time scale. For371

instance, internal tides within the Faroe-Shetland Channel displace isopycnal surfaces372

over a vertical distance of . 50 m over the course of 1 hour (Knudsen, 1911; T. Sher-373

win, 1991; T. J. Sherwin, 1995). Current speeds of up to ∼ 0.9 m s−1 have been recorded374

(e.g. T. J. Sherwin et al., 2006). A simple model is used to investigate the possible ef-375

fects that this advection has upon the imaged fine-scale structure (Appendix B.1). This376

model shows that, for the greatest plausible along-channel (i.e. northeast-southwest) cur-377

rent speed of 1 m s−1, the imaged reflection gradients can differ from actual gradients378

of reflective surfaces by up to 50%. In reality, this effect is probably much smaller. It is379

also important to emphasize that advection of fine-scale structure only changes the mag-380

nitude of tan(γ). The sense of tilt is unaffected.381

Provided that reflections mostly track isopycnal surfaces, 〈tan(γ)〉p provides a mea-382

sure of the horizontal pressure gradient within the pycnocline. This pressure gradient383

is balanced by a combination of inertial forces and the Coriolis force (e.g. Simpson, Dickey,384

& Koblinsky, 1984). Using a two-layer model, we estimate that the Rossby radius of de-385

formation, LR, is approximately 13 km within the Faroe-Shetland Channel (Appendix386

B.2; Gerkema, 1996).387

The seismic images are . 9 km long. Therefore, it is possible that dipping reflec-388

tions correspond to slices through a geostrophically balanced mesoscale structure with389

a length scale that is much greater than LR. Alternatively, dipping reflections could be390

caused by sub-mesoscale variations on length scales approximately equal to or shorter391
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than LR. At these shorter scales, geostrophy is invalid. Instead, horizontal motion is main-392

tained by a balance between pressure gradients, inertial forces and the Coriolis force (e.g.393

Simpson et al., 1984). If the Coriolis force contributes significantly to this balance, it must394

act in the opposite direction to that of the pressure gradient. Even if geostrophy is not395

an appropriate approximation, tilted reflections are thus indicative of the sense of cross-396

channel shear between FSCUW and FSCBW. 〈tan(γ)〉p < 0 implies that FSCUW is397

flowing southeastward relative to FSCBW. 〈tan(γ)〉p > 0 implies that FSCUW is flow-398

ing northwestward relative to FSCBW.399

Assuming geostrophy, the change in the out-of-plane (i.e. northwest-southeast) com-400

ponent of geostrophic velocity across the pycnocline can be calculated (Appendix B.3;401

Sheen et al., 2011; Tang, Gulick, & Sun, 2014). Estimated values of (∆Up)⊥ lie within402

the range of −0.7 to 1.0 m s−1 with uncertainties of ±0.5 m s−1. It is important to em-403

phasize that we do not use these values for subsequent analysis since the validity of the404

geostrophic approximation remains uncertain.405

4.3 Turbulent Mixing406

Diapycnal diffusivity, K, is generally used to parametrize the strength of mechan-407

ical mixing that is key to global overturning (Montgomery, 1939; Munk, 1966). We es-408

timate K by first computing the rate of dissipation of turbulent kinetic energy, ε, from409

the turbulent spectral subrange of tracked seismic reflections (e.g. Falder et al., 2016; Hol-410

brook et al., 2013; Sheen, White, & Hobbs, 2009). Before tracking reflections, we min-411

imize the effect of ambient and harmonic noise by following the recommendations of Hol-412

brook et al. (2013) described in Appendix C.1.413

Once the effects of noise have been minimized, power spectral densities of verti-414

cal displacement are computed from tracked reflections that lie between depths of z1 and415

z2. As before, reflections are tracked by contouring a constant value of the cosine of the416

instantaneous phase angle (Barnes, 2007). Turbulent motions are expected on horizon-417

tal length scales of . O(100) m (Riley & Lindborg, 2008). Here, we found that track-418

ing reflections longer than 2 km provided the best compromise between tracking a suf-419

ficient number of reflections and resolving the shape of the spectrum down to wavenum-420

bers that are smaller than 10−3 cycles per meter (cpm). Tracked reflections are linearly421

detrended in order to remove the long-wavelength signal caused by balanced motions.422
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Vertical displacements are converted from two-way travel time into depth displacement,423

ξ, by assuming a constant sound speed of 1480 m s−1. The uncertainty introduced by424

this assumption is . 2% (Dickinson et al., 2017).425

Power spectra corresponding to individual reflections are calculated by computing426

fast Fourier transforms for half-overlapping segments of length 320 points that have been427

tapered with a Hann window (Welch, 1967). These spectra are computed under the as-428

sumption that imaged fine-scale structure is stationary for the duration of the time win-429

dow taken to acquire all signals that contribute to a given tracked reflection. If fine-scale430

structure is not stationary, a finite sampling speed acts to smear variability in frequency431

space into variability in horizontal wavenumber space (Klaeschen, Hobbs, Krahmann,432

Papenberg, & Vsemirnova, 2009). A model based upon physically reasonable values of433

buoyancy frequency demonstrates that turbulent motions at wavenumbers greater than434

10−2 cpm are insignificantly affected by such smearing (Appendix C.2).435

In order to improve the signal-to-noise ratio, all of the spectra from a single im-436

age are averaged to yield a mean spectrum, 〈φξ〉p, which is representative of all tracked437

vertical displacements between depths of z1 and z2 (Figure 6c,f,i). Averaging spectra in438

this way obscures the spatial distribution of localized mixing at smaller scales but in-439

creases the reliability of the estimated bulk diffusivity for the entire pycnocline. We choose440

to average spectra in log10(φξ) space since previous observations suggest ε may have a441

log-normal distribution in time and space throughout the oceans (e.g. Baker & Gibson,442

1987; Gregg, 1980, 1987; Gregg, Seim, & Percival, 1993; Yamazaki & Lueck, 1990). Av-443

eraging in linear space increases the magnitude of estimated values of log10(K) by ∼ 0.5444

logarithmic units. Nonetheless, the pattern of variation is unaffected. Values of 〈φξ〉p are445

converted into spectra of the horizontal gradient of vertical displacement, 〈φξx〉p, using446

〈φξx〉p = (2πkx)
2 〈φξ〉p. After this conversion, turbulent subranges have a slope of +1/3447

in log10(kx)–log10 〈φξx〉p space.448

These subranges are identified by fitting a model to each mean spectrum in log10(kx)–449

log10 〈φξx〉p space (Appendix C.3; Falder et al., 2016). Identified subranges are selected450

for further analysis provided that they contain at least ten data points. Spectra are deemed451

to be good quality if the gradient of a straight line fitted to the subrange in log10(kx)–452

log10 〈φξx〉p space using linear regression is +1/3±0.3. This degree of subjectivity can453
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be avoided by adopting more rigorous schemes although the results are unlikely to be454

materially affected (e.g. B. Ruddick, Anis, & Thompson, 2000).455

Good-quality turbulent spectral subranges all lie within the wavenumber range ∼

10−2 cpm . kx . 10−1.4 cpm, corresponding to horizontal length scales of ∼ 25–100 m.

These length scales are too great for the signal to correspond to isotropic turbulence. In-

stead, these observed turbulent subranges probably belong to the regime of layered anisotropic

stratified turbulence (LAST; Falder et al., 2016; Riley & Lindborg, 2008). Since there

should be continuity between the LAST and inertial-convective regimes, the dissipation

rate of turbulent kinetic energy, ε, can be estimated by using the inertial-convective parametriza-

tion for a passive scalar (Sreenivasan, 1996). If turbulent motions affect temperature in

the same way as they affect density, this parametrization can be expressed as

〈φξx〉p =
4πΓ

N2
CT ε

2/3(2πkx)+1/3, (1)

where Γ is the turbulent flux coefficient and CT is the Obukhov-Corrsin constant (Falder456

et al., 2016; Klymak & Moum, 2007b). Diapycnal diffusivity, K, is estimated from ε us-457

ing the Osborn relationship458

K =

g
ρ 〈w

′ρ′〉p
−g
ρ
dρ
dz

=
B

N2
=

Γε

N2
, (2)459

where g is gravitational acceleration, ρ is mean density, ρ′ is density perturbation, w′ is

vertical component of the velocity perturbation and B is buoyancy flux (Osborn, 1980).

Angular brackets denote averaging over time. This equation assumes a balance between

turbulent production, dissipation, and work done against buoyancy for the case of a sta-

tistically steady flow. The Osborn relationship is also assumed in derivation of Equa-

tion (1). By combining Equations (1) and (2), we obtain

log10(K) =
3

2
ĉ− 1

2
log10(Γ) + log10(N)− 3

2
log10(CT )− 7

2
log10(2)− 2 log10(π), (3)

where ĉ is the intercept of a straight line of gradient +1/3 fitted in log10(kx)–log10 〈φξx〉p460

space using least squares linear regression. log10(K) is estimated by assuming that N =461

〈N〉p and by taking conventional values of Γ = 0.2 and CT = 0.4 (Osborn, 1980; Sreeni-462

vasan, 1996). Estimated values of K lie in the range ∼ 10−5.7–10−5.0 m2 s−1.463

Uncertainties in the estimated values of K depend upon ĉ, N , Γ and CT . The un-464

certainty for ĉ is gauged from standard deviations of the values of log10 〈φξx〉p. Note that465

values of σĉ do not account for deviation of the gradient of log10 〈φξx〉p away from +1/3.466
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Estimated uncertainties in ĉ and 〈N〉p are combined in quadrature to yield correspond-467

ing uncertainties in log10(K) of ∼ 0.07–0.17 logarithmic units. We assume that 〈N〉p =468

2.0±0.3 cph is an appropriate estimate of the mean buoyancy frequency within the py-469

cnocline for the vertical length scales over which turbulent mixing takes place. In deter-470

mining the effect of uncertainties in Γ and in CT , we do not formally propagate errors471

since the underlying probability distributions are not accurately known. Instead, we con-472

sider the effects of taking upper and lower bounds of their observed ranges of 0.1 . Γ .473

0.4 and 0.3 . CT . 0.5 (Mashayek et al., n.d.; Sreenivasan, 1996). Corresponding un-474

certainties in log(K) are ±0.15 logarithmic units and ±0.1 logarithmic units, respectively.475

We conclude that values of log10(K) are accurate to within one half of an order of mag-476

nitude. Further details of our approach to error analysis are described in Appendix C.4.477

5 Temporal Evolution of Pycnocline478

Evolution of upper pycnoclinic depth, z1, of lower pycnoclinic depth, z2, of mean479

reflection gradient, 〈tan(γ)〉p, and of K for Sectors A and B is shown in Figure 7. z1 is480

often poorly defined due to the diffuse nature of the upper boundary. The lower bound-481

ary, in contrast, is clearly defined and z2 matches sharp changes of seismic amplitude.482

The thickness of the band of bright reflections remains reasonably constant (250–400 m).483

We conclude that z2 is a satisfactory proxy for the depth of the pycnocline, which is as-484

sumed to maintain a constant thickness. Absolute depth of the pycnocline is unimpor-485

tant for the analysis described below.486

Between Days 208 and 212, the lower boundary of the pycnocline is imaged at a487

depth of ∼ 400–500 m within Sector A. The pycnocline then deepens at an average rate488

of ∼ 35 m day−1 between Day 215 and Day 225. As the pycnocline deepens, negatively489

tilted reflections steepen from | 〈tan(γ)〉p | ∼ 0.001 to | 〈tan(γ)〉p | ∼ 0.012, indicative490

of flow with an increasing component toward the southeast. When the pycnocline reaches491

a maximum depth of ∼ 800 m around Day 225, a change in reflection gradient suggests492

a reversal in the cross-channel flow direction. Between Days 225 and 232, the pycnocline493

shoals at an average rate of ∼ 25 m day−1 and the presence of positively tilted reflec-494

tions suggests a northwestward component of flow. Tilt of these reflections decreases with495

time from | 〈tan(γ)〉p | ∼ 0.012 to | 〈tan(γ)〉p | ∼ 0.004, implying a concomitant decrease496

in flow speed. Sector B reveals a closely similar pattern of temporal variation in z2 and497

〈tan(γ)〉p. However, z2 reaches its maximum value within Sector B approximately 2 days498
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before it reaches its maximum value within Sector A. Likewise, the flow reversal suggested499

by 〈tan(γ)〉p occurs ∼ 2 days earlier in Sector B. Close correspondence between vari-500

ation in pycnoclinic depth and variation in reflection tilt suggests that the two obser-501

vations are correlated. Once again, we emphasize that these variations are caused by tem-502

poral changes in thermohaline structure over the 25 days taken to acquire the seismic503

survey. Moreover, the similarity of temporal variations between both sectors suggests504

that the physical mechanism causing these variations has a spatial scale that is much larger505

than the scale of the seismic survey. The time lag of ∼ 2 days between Sectors B and506

A suggests that observed changes do, however, have at least a weak spatial dependence507

over the length scale of the survey.508

Temporal changes in calculated values of K show some relation to variations in z2509

and 〈tan(γ)〉p. Between Days 215 and 225, values of K for Sector B decrease from ∼ 10−5.0 m2 s−1510

to ∼ 10−5.5 m2 s−1. After Day 225, K steadily increases from ∼ 10−5.5 m2 s−1 to ∼511

10−5.2 m2 s−1. Sector A has a similar suppression of K at around Day 225. However,512

we note that there is significant scatter in these trends.513

5.1 Qualitative Interpretation514

Two mechanisms dominate intermittent deviations from the mean flow within the515

Faroe-Shetland Channel. First, cold-core eddies with diameters of 30–50 km have been516

observed (Hansen & Meincke, 1979; T. J. Sherwin et al., 1999). Secondly, the Continen-517

tal Slope Current can migrate towards the center of the channel where it forms mean-518

ders with length scales of 30–70 km (H. D. Dooley & Meincke, 1981; T. J. Sherwin et519

al., 1999, 2006). Both of these mechanisms have the potential to cause swirling motions520

that are well described by a rotating lens of fluid with vertical vorticity (i.e. a vortex).521

Measurements of the dynamics and hydrography of oceanic vortices have often been recorded522

in terms of radial distance from the center of the vortex (e.g. Olson, Schmitt, Kennelly,523

& Joyce, 1985).524

The seismic transects presented here provide a series of measurements of z2 and525

〈tan(γ)〉p at different locations and times. It is not straightforward to express these mea-526

surements in terms of distance from the center of a vortex. However, measurements can527

be related to the orientation and sense of flow of the vortex. Isopycnal surfaces are de-528

pressed and elevated toward the center of an anticyclonic vortex and of a cyclonic vor-529
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tex, respectively (e.g., Olson, 1991). Translation of a vortex along the channel would there-530

fore generate variations in pycnoclinic depth and in current direction. These variations531

are manifest on seismic images as changes in z2 and in 〈tan(γ)〉p, respectively. Four cases532

are illustrated in Figure 8. These cases are denoted by A (for anticyclonic vortex) or C533

(for cyclonic vortex). NE and SW denote northeastward and southwestward propagation,534

respectively.535

Case C-NE illustrates northeastward translation of a cyclonic vortex (Figure 8a-536

c). Initially, this vortex is located southwest of the seismic survey and tilted seismic re-537

flections record northwestward flow of FSCUW relative to FSCBW (i.e. 〈tan(γ)〉p > 0).538

As the vortex translates northeastward, seismic transects sample waters closer to the vor-539

tex center and the seismically imaged pycnocline shoals (i.e. z2 decreases). Tilted seis-540

mic reflections record increasingly positive 〈tan(γ)〉p as the magnitude of azimuthal ve-541

locities increases towards the edge of the core region. As the vortex center passes through542

the region of the seismic survey, the observed pycnocline reaches its minimum depth and543

〈tan(γ)〉p decreases to near zero as the strength of azimuthal flow reduces within the core544

region. At later times, the vortex center is to the northeast of the seismic survey. Flow545

of FSCUW relative to FSCBW is thus to the southeast (i.e. 〈tan(γ)〉p < 0). The ob-546

served pycnocline deepens as distance from the vortex center increases. Cases C-SW, A-547

NE and A-SW are illustrated in panels d-f, g-i and j-l of Figure 8, respectively. Compar-548

ison with recorded values of z2 and of 〈tan(γ)〉p shows that case A-NE is consistent with549

observations.550

5.2 Fitting of Model Vortices551

Based on this interpretation, we fit a dynamical model of a northeastward-translating552

anticyclonic vortex to observed values of z2 and 〈tan(γ)〉p. A circular vortex has azimuthal553

velocity, uθ(r), which depends on radial distance, r, from the vortex center. Vortices in554

a rotating inviscid fluid are maintained by a gradient balance between the centrifugal555

force, the Coriolis force, and pressure gradients (e.g. Simpson et al., 1984). Associated556

azimuthal velocities are known as gradient velocities. At small radial distances (i.e. |r| �557

LR), influence of the centrifugal force cannot be ignored and gradient velocities depart558

significantly from geostrophic velocities (Carton, 2001). At large radial distances (i.e.559

|r| � LR), the effect of the centrifugal force decreases and motions can be accurately560

described by geostrophy.561
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Observations of mid-ocean vortices suggest that the exact radial dependence of uθ(r)562

can vary (e.g. Olson, 1980, 1991; Simpson et al., 1984). However, all vortices feature a563

core region, within which uθ(r) increases with increasing r (Carton, 2001; Hopfinger &564

van Heijst, 1993). Outside of this core region, far-field values of uθ(r) decrease mono-565

tonically with increasing r. Based on these observations, a range of dynamically com-566

plete models of vortex motion in both two-layer systems and continuously stratified flu-567

ids have been developed and experimentally verified (e.g., Cushman-Roisin & Merchant-568

Both, 1995; Griffiths & Hopfinger, 1987; Rubino, Brandt, & Hessner, 1998). However,569

these models consider isolated vortices that do not interact with background currents570

or with steep bathymetry. They are not suited to describing the behavior of a vortex within571

the confined trough of the Faroe-Shetland Channel.572

Here, we use the simplest possible model and so the effects of bathymetry and vis-

cous dissipation are ignored. Radial velocities are also neglected since they are small com-

pared with azimuthal velocities. The Gaussian vortex has a convenient analytical form

(Carton, Flierl, & Polvani, 1989). Its azimuthal velocity is given by

uθ(r) =
1

2
Vg

r

Rg
e−(r/Rg)

2

, (4)

where Vg and Rg are velocity and length scales, respectively. Maximum radial velocity,

uθm, occurs at radius rm where

uθm =
Vg

2
√

2e1/2
(5)

and

rm =
Rg√

2
. (6)

uθ(r) represents a gradient velocity, and is related to the radial pressure gradient, 1/ρ(∂P/∂r),

by

−1

ρ

∂P

∂r
=

1

2
Vg

r

Rg
e−(r/Rg)

2

(
1

2

Vg
Rg

e−(r/Rg)
2

+ f

)
. (7)

In order to compare seismic observations to this model, isopycnal tilt (i.e., 〈tan(γ)〉p) and

pycnoclinic depth (i.e. z2) are related to the radial pressure gradient. To do so, the den-

sity structure in the Faroe-Shetland Channel is approximated using a two-layer fluid, in

which z2 represents the sharp interface that separates an upper layer of FSCUW from

a lower layer of FSCBW. The density contrast between these two layers is given by 〈∆ρθ〉p
and the density of the upper layer is ρ̄θ1 . In this approximation, the radial pressure gra-

dient can be related directly to isopycnal tilt by assuming a linear scaling that is given
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by

〈tan(γ)〉p =
b

ρ̄θ1g
′

(
∂P

∂r

)
||
, (8)

where b is a dimensionless constant and || denotes the component within the plane of573

the seismic image. For this scaling, Equation (7) can be directly fitted to 〈tan(γ)〉p, re-574

gardless of the magnitude of b. However, a more specific scaling is required to model the575

observed variation of z2. A well-known approximation is to assume that the barotropic576

mode is compensated by the baroclinic mode in the lower layer, which remains at rest577

(i.e. b = 1; e.g., Olson et al., 1985). This approximation, which is known as the 11
2 -layer578

ocean, is probably sufficiently accurate for cases where the lower layer is much deeper579

than the upper layer (e.g. Carton, 2001; Olson et al., 1985). It does not provide a com-580

plete description of the density structure within the Faroe-Shetland Channel, where the581

upper layer of FSCUW and the lower layer of FSCBW have approximately equal thick-582

nesses. Nevertheless, we make use of this 1 1
2 -layer ocean approximation since, given the583

physically complex interactions of currents and bathymetry within the Faroe-Shetland584

Channel, its simplicity yields greater physical insight than more complex models. It is585

important to note that the 11
2 -layer ocean model is only used to fit values of z2. It is not586

used to fit values of 〈tan(γ)〉p.587

For the 1 1
2 -layer ocean model, pressure gradients caused by variations in sea-surface

height are balanced by pressure gradients caused by displacement of the interface sep-

arating upper and lower layers. Interface depth, h, is thus related to sea-surface height

anomaly, η, by

h =
ρ̄θ1
〈∆ρθ〉p

η + h∞, (9)

where h∞ is unperturbed interface depth. h can be expressed in terms of the radial pres-

sure gradient using

dh(r)

dr
= − 1

ρ̄θ1g
′
∂P

∂r
. (10)

In the case of a Gaussian vortex, dh(r)/dr and h(r) are given by

dh(r)

dr
=

1

2g′
Vg

r

Rg
e−(r/Rg)

2

(
1

2

Vg
Rg

e−(r/Rg)
2

+ f

)
(11)

and

h(r) =

√
π

16g′
V 2
g erf

(
r2

R2
g

)
− f

4g′
VgRge

−(r/Rg)
2

+ h∞, (12)

where erf(x) is the error function. Modeled values of dh/dr and h can be fitted to mea-

surements of 〈tan(γ)〉p and z2, respectively. Equations (11) and (12) have three free pa-

rameters (i.e. Rg, Vg, h∞). However, these equations also contain f and g′, which must
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first be estimated. To avoid errors in estimated values of f and g′ affecting the fitting,

it is assumed that geostrophy applies. Equations (11) and (12) then become

dh(r)

dr
=
V1r

Rg
e−(r/Rg)

2

(13)

and

h(r) = −1

2
V1Rge

−(r/Rg)
2

+ h∞, (14)

where V1 = (fVg)/(2g
′). f and g′ are now contained within the free parameter V1, which588

is fitted to observations. Fitting of the full gradient balance using Equations (11) and589

(12) makes little difference.590

We initially attempted to fit values of 〈tan(γ)〉p and z2 using Equations (13) and

(14) by exploiting spatial variations between adjacent seismic transects. However, the

results were sensitive to initial conditions and global minima of the misfit spaces were

not well constrained. In order to simplify the problem, observations are fitted using Equa-

tions (13) and (14) by assuming that the model vortex translates parallel to the seismic

transects. It is also assumed that the vortex radius is much greater than the region cov-

ered by the seismic survey. In this case, all seismic transects can be regarded as having

been acquired in the same location. It is furthermore assumed that the vortex center passes

through this location. Recorded values of 〈tan(γ)〉p and z2 thus correspond to radial pro-

files of dh/dr and h, respectively. 〈tan(γ)〉p and z2 are measured as functions of time,

t. t is related to distance from vortex center, r, by t = (t0 + (r/ut)), where ut is con-

stant translational speed of the vortex and t0 is time at which the vortex center passes

through the seismic survey. Equations (13) and (14) are expressed in terms of t by

dh(t)

dr
=
V1t

Tg
e−(t/Tg)

2

(15)

and

h(t) = −1

2
V1utTge

−(t/Tg)
2

+ h∞, (16)

where Tg = Rg/ut. First, dh(t)/dr is fitted to 〈tan(γ)〉p by defining the misfit function

M1 =

√√√√√√ 1

D − F

D∑
i=1


(
〈tan(γ)〉p

)
i
− (dh(t)/dr)i(

σ 〈tan(γ)〉p
)
i

2

, (17)

where D = 54 is number of data points, F is number of free parameters and σ 〈tan(γ)〉p
is the standard deviation on 〈tan(γ)〉p. M1 is minimized using a conjugate direction search

algorithm (M. J. D. Powell, 1964). Optimization depends on three free parameters (t0,
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Tg and V1) and best-fitting values of t0 ≈ 1.47×106 s, V1 ≈ 2.3×10−2 and Tg ≈ 2.6×

105 s are recovered (Figure 9b). The fit is good (M1 ≈ 0.9) and parameter sweep around

the best-fitting values shows that the minimum is well defined (Figure 9c-e). This fit does

not depend on assumption of the 1- 12 -layer ocean model. Instead, as discussed above, it

simply depends on a linear scaling between 〈tan(γ)〉p and the in-plane component of the

radial pressure gradient. However, neither ut nor h∞ can be estimated by fitting 〈tan(γ)〉p
alone. ut and h∞ are estimated by fixing t0 = 1.47× 106 s, V1 = 2.3× 10−2 and Tg =

2.6× 105 s, and varying ut and h∞ to minimize the misfit function

M2 = W

√√√√ 1

D − F

D∑
i=1

[(z2)i − (h(t))i]
2
, (18)

where W is a weighting factor. Errors on z2 are arbitrary and so M2 is not weighted by591

these errors. The value of W is chosen to bring misfit values closer to 1. Best-fitting val-592

ues of ut ≈ 6.9 × 10−2 m s−1 and h∞ ≈ 570 m are recovered. The fit is satisfactory593

between Day 220 and Day 230 (Figure 9a). However, slices through the misfit space in-594

dicate that the minimum is not tightly constrained for all parameters. Tg and V1 are con-595

verted into estimates of Rg ≈ 18 km and Vg ≈ 2.1 m s−1 using ut = 6.9×10−2 m s−1,596

f = 1.29 × 10−4 s−1 and ∆ρ = 〈∆ρθ〉p = 0.6 kg m−3. Equations (5) and (6) then597

yield rm ≈ 13 km and uθm ≈ 0.44 m s−1. Errors are not formally estimated since the598

model of a translating vortex is necessarily simplistic. The largest source of error is prob-599

ably the assumption that all transects were acquired at the same location.600

Secondly, h(t) is solely fitted to z2 using the misfit function M2 (Figure 9f). Mea-601

surements of 〈tan(γ)〉p are not exploited. This fit constrains all five model parameters602

(i.e. t0, Tg, V2, ut, h∞). The weighting factor W is again set to a value that brings mis-603

fit values closer to 1. Best-fitting values of t0 ≈ 1.52 × 106 s, Tg ≈ 7.2 × 105 s, V1 ≈604

8.3×10−3, ut ≈ 8.5×10−2 m s−1 and h∞ ≈ 470 m are recovered and the minimum is605

well defined (selected slices through the misfit space are shown in Figure 9h-j). However,606

values of dh(t)/dr computed using these fitted values do not compare well to 〈tan(γ)〉p607

(Figure 9g). In particular, fitting of z2 requires a vortex with a core radius that is much608

greater than one required to fit 〈tan(γ)〉p. Tg, V1 and ut are converted into estimates of609

Rg ≈ 61 km, rm ≈ 43 km and uθm ≈ 0.16 m s−1.610
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5.3 Coincident Satellite Observations611

These modeling results can be interpreted with the aid of independent satellite ob-612

servations in several different ways. First, we exploit images of sea-surface temperature613

acquired by the Advanced Very High Resolution Radiometer (AVHRR) of the NOAA-14614

satellite. Five clear images were obtained during the period of seismic acquisition (Fig-615

ure 10a-d,f). These images are constructed using records acquired by . 8 satellite passes616

over the course of a single day. Absolute temperatures are accurate to only ∼ 1°C (e.g.617

Keogh, Robinson, Donlon, & Nightingale, 1999; Park et al., 2015). Nonetheless, these618

images reveal broad changes in the location of the front that separates cooler MNAW619

from warmer NAW. Between Days 212 and 224, the Continental Slope Current appears620

to move toward the center of the channel. By Day 229, this excursion has developed into621

an approximately circular swirling warm-water structure with a diameter of ∼ 150 km622

whose center is close to 61° N and 4° W. After the window of seismic acquisition, this623

structure persists until at least Day 245 (Figure 10i,j,l,n).624

We then examine sea-surface height measurements acquired by the TOPEX/Poseidon625

satellite, which followed a ground track that runs close to the axis of the channel and626

passes the location of the seismic survey (Figure 10e,g,i). Measurements were taken once627

every 10 days at an along-track spacing of ∼ 6.2 km. Records acquired on Days 206,628

226, 236, 246 and 256 are examined. Unfortunately, records are unavailable for Day 216,629

which, along with Day 226, overlap the window of seismic acquisition. Each pass took630

∼ 1 minute to acquire measurements at the locations shown in Figure 10 so that these631

measurements can be regarded as instantaneous. After they have been corrected for sources632

of error such as ionospheric delay and inaccuracies in orbital height of the altimeter, the633

measurements have absolute uncertainties of ±(5–10)×10−2 m (Naeije et al., 2002; Stam-634

mer & Wunsch, 1994). On horizontal length scales of . 100 km, these uncertainties are635

approximately constant and do not significantly affect signals of mesoscale structure (Leben636

& Powell, 2003; Yale, Sandwell, & Smith, 1995). Observed anomalies are smoothed us-637

ing a 7-point Hann filter to remove small-scale ageostrophic signals and ambient noise638

(Darelius, Ullgren, & Fer, 2013).639

The smoothed anomalies, η7, are analyzed in two ways. First, the cross-track (i.e.

northwest-southeast) component of the geostrophic velocity field, usg⊥ , is estimated. Dif-

ferent schemes for estimating geostrophic velocities from sea-surface height anomalies
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have been proposed (e.g. B. S. Powell & Leben, 2004). Here, we employ a first-order finite-

difference scheme that accurately resolves gross features of mesoscale flow on length scales

of order 30 km (Lilly et al., 2003). The value of usg⊥ at the midpoint of two adjacent

measurement locations, separated by an along-track distance ∆x, is given by

usg⊥ = − g
f

∆η7
∆x

, (19)

where ∆η7 is the difference in η7 between the two measurement locations. Assuming that640

g, f and ∆x are free of error, the fractional error for usg⊥ is equal to the fractional er-641

ror for ∆η7. Assuming that absolute uncertainties in ∆η7 are ±(5–10) × 10−2 m, the642

estimated errors in usg⊥ are of order 0.1 m s−1.643

Values of usg⊥ computed for Day 226 suggest a region of anticylonic flow of peak-644

to-peak distance ∼ 50 km (Figures 10e). The center of this vortex, where usg⊥ is close645

to ∼ 0 m s−1, lies close to the seismic survey. This flow is more clearly defined on Day646

236 when anticyclonic motion with usg⊥ of up to ∼ 0.25 m s−1 overlies the swirling struc-647

ture observed on AVHRR imagery (Figures 10g). Measurements obtained on Day 246 sug-648

gest that cross-channel velocities continue to strengthen to ∼ 0.3 m s−1 (Figure 10i).649

Secondly, sea-surface height anomalies are used to estimate changes in pycnoclinic650

depth. Wunsch (1997) finds that sea-surface height corresponds reasonably well to the651

depth of the main pycnocline throughout most of the oceans. For the 1 1
2 -layer ocean model,652

interface depth, h, is related to sea-surface height anomaly, η, by Equation (9). h is com-653

puted using η = η7. Depth of the unperturbed pycnocline, h∞, cannot be estimated654

from sea-surface height anomalies and is arbitrarily set to 400 m in order to facilitate655

comparison with z2. Numerical errors for h are estimated by assuming that errors for656

ρ̄θ1 , 〈∆ρθ〉p and η7 are normally distributed, and that the error for η7 is 5 × 10−2 m.657

Combination of these errors in quadrature yields an uncertainty for h of about ±100 m.658

This uncertainty does not take account of the suitability of the 1 1
2 -layer ocean model.659

Values of h that are computed for Day 226 are given on the right-hand axis of Figure660

11a. Close to the seismic survey, h increases by ∼ 250 m between Days 206 and 226.661

This deepening compares favorably with an increase of ∼ 350 m in the value of z2. Days662

236, 246 and 256 reveal a similar signal with values of h close to the seismic survey re-663

maining depressed by ∼ 250–350 m relative to Day 206.664

Finally, we quantitatively analyse these altimetric records by fitting Gaussian vor-

tices to the values of usg⊥ computed for Days 226, 236, 246 and 256. In Figure 11b-e,
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Day 226 is shown as an example. It is assumed that estimated values of usg⊥ correspond

to a radial profile of azimuthal velocity through the vortex. Observations chosen to be

fitted are selected based upon changes in the sign of usg⊥ at the edges of the anticyclonic

region. A misfit function, M3, is defined as

M3 =

√√√√ 1

D − 3

D∑
i=1

[
usg⊥(x1)i − uθ(r)i
σ (usg⊥(x1))i

]2
, (20)

where D = 19 is number of data points, x1 = (x−x0) where x is along-track distance665

and x0 corresponds to vortex center, and uθ(r) is computed using Equation (4). A global666

minimum is identified by parameter sweep. Slices through the misfit space reveal that667

values of the free parameters x0 = 183 km, Rg = 27 km and Vg = 1.2 m s−1 are not668

well constrained due to observational scatter (Figure 11b-d). Rg and Vg are converted669

into values of rm ≈ 19 km and uθm ≈ 2.6× 10−2 m s−1, respectively, using Equations670

(5) and (6). Vortices fitted to usg⊥ for Days 236, 246 and 256 confirm that anticyclonic671

motion continues to strengthen and by Day 256, the values of Rg and uθm reach ∼ 47 km672

and ∼ 0.36 m s−1, respectively. Visual inspection of altimetric records suggests that be-673

tween Day 226 and Day 256 the center of the observed vortex is being advected north-674

eastward at an along-channel speed of ∼ 0.01 m s−1.675

6 Discussion676

A combination of seismic and satellite observations can be used to develop a con-677

sistent interpretation of mesoscale activity. First, we consider the limitations of dynam-678

ical models that have been fitted to these observations. It has been assumed that mo-679

tions are described by a Gaussian vortex of constant form that is advected through an680

inviscid two-layer system. Thus bathymetry and background currents have been neglected.681

We have further assumed that all measurements sample the vortex along a radial pro-682

file so that the spatial variation of altimetric measurements directly corresponds to the683

temporal variation of seismic records. As a result of these assumptions, the models are684

unlikely to provide a full description of vortex motion and absolute values of fitted pa-685

rameters are uncertain.686

Despite these limitations, observations and fitted models provide useful insight into687

dynamical processes within the channel. First, observed changes in z2 require a vortex688

with a core radius which is greater than that implied by variations in 〈tan(γ)〉p. Values689

of 〈tan(γ)〉p are more direct indicators of strong azimuthal flow induced by the vortex690
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and changes in z2 before Day 218 could be caused by other processes. Fitting a vortex691

to 〈tan(γ)〉p, rather than to z2, is probably more reliable since it is not necessary to use692

the 1- 12 -layer ocean model. However, fitting values of 〈tan(γ)〉p alone cannot constrain693

the radius or translational speed of the vortex. Translational speeds estimated from z2694

are ∼ O(0.1) m s−1. Satellite altimetric records acquired on Day 226 suggest that the695

vortex has a radius of ∼ 27 km. A Gaussian vortex with this radius would have to trans-696

late at ∼ 0.1 m s−1 in order to generate observed variations in 〈tan(γ)〉p. Satellite records697

also suggest that the size of the vortex increases during the seismic survey. Changes in698

z2 and in 〈tan(γ)〉p are probably the result of a combination of growth and advection699

of the vortex.700

The following interpretation is suggested. Between Days 208 and 218, a large vol-701

ume of near-surface water from the Continental Slope Current moves toward the cen-702

ter of the channel. This movement leads to deepening of the pycnocline, which is recorded703

on seismic images by an increase in z2 before Day 218. Deepening occurs over horizon-704

tal length scales of ∼ O(100) km that are too large to correspond to seismically detectable705

changes of reflection tilt over along-channel distances of . 9 km. Meandering of Con-706

tinental Slope Current water also induces formation of an anticyclonic vortex close to707

the seismic survey. Changes in 〈tan(γ)〉p and in values of z2 are induced by northeast-708

ward advection of this vortex as it strengthens. Both seismic and satellite records indi-709

cate that the advective speed falls within the range 0.01–0.1 m s−1. By Day 256, the fully710

formed vortex appears to have a core radius, Rg, of 40–50 km and a maximum near-surface711

azimuthal speed, uθm , of 0.3–0.4 m s−1. At the center of the vortex, the pycnocline is712

displaced by a distance, h(0), of 250–350 m.713

These values of Rg, uθm and h(0) together with values of ρ = ρ̄θ1 = 1027.6 kg m−3

and ∆ρ = 〈∆ρθ〉p = 0.6 kg m−3, can be used to address the scale and energetics of

the observed vortex and its relationship to turbulent mixing. It is assumed that displace-

ment of the pycnocline, h(r), is described by

h(r) = h(0)e−(r/Rg)
2

+ h∞. (21)

The volume of FSCUW, V (r < Rg), within the core of the vortex is estimated using

V (r < Rg) =

∫ Rg

0

h(r)2πrdr. (22)

V (r < Rg) is in the range (2.3–4.9)×1012 m3. Following Olson et al. (1985), the avail-

able potential energy, APE, for the core of a vortex in a two-layer system can be esti-
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mated from

APE =

∫ Rg

0

1

2
ρg′(h(r)− h∞)22πrdr. (23)

The calculated value of APE is in the range ∼ 0.4–1.2 PJ. Kinetic energy, KE, is given

by

KE =

∫ Rg

0

1

2
ρh(r)u2θ(r)2πrdr, (24)

where it is assumed that motion is confined to the upper layer and that uθ(r) is given714

by Equation (4) (Olson, 1991). The calculated value of KE falls between 84 and 320 TJ.715

The total energy of the vortex is therefore ∼ 0.5–1.5 PJ.716

A component of this energy will be transferred into the internal wave field and dis-717

sipated by turbulent motions. The estimated values of K are generally depressed towards718

the center of the vortex within Sector B (Figure 7h). Two mechanisms could be respon-719

sible for this observation. First, it is possible that pycnoclinic waters within the core of720

the vortex are more strongly stratified than external pycnoclinic waters. Stronger strat-721

ification inhibits vertical displacement of isopycnal surfaces, which we regard as a proxy722

for the strength of turbulent mixing. If N varies by ±1 cph about 2 cph, estimated val-723

ues of log10(K) change by up to 0.26 logarithmic units (Appendix C.4). The trend shown724

in Figure 7h may thus be partly caused by assuming a constant value of N .725

Secondly, changes in calculated values of K could be generated by enhanced shear726

along the sides of the vortex (Liu et al., 2017; Yang, Zhao, Liang, Dong, & Tian, 2017).727

With the exception of two measurements acquired around Day 227, elevated values of728

K do not correspond to elevated values of 〈tan(γ)〉p, which are indicative of enhanced729

shear. This lack of correspondence suggests that regions of high shear do not generate730

local turbulent dissipation. Instead, energy could be carried away from the core of the731

vortex by internal waves that break within weaker stratification located away from the732

core (Tang, Gulick, Sun, Sun, & Jing, 2019). In general, variations in calculated values733

of K are probably caused by a combination of changes in stratification and in the strength734

of turbulent mixing that are brought about by passage of the vortex. Few clear turbu-735

lent subranges are observed in Sector A where it is not possible to identify a trend in log10(K)736

with any confidence (Figure 7d).737

Generation and decay of a vortex of this size and energy will significantly affect trans-738

port and mixing within the channel. Berx et al. (2013) show that mesoscale fluctuations739

cause monthly variations of up to ∼ 4 Sv in northward transport of water of Atlantic740
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origin. Within the channel, meandering of the warm, saline Continental Slope Current741

from the southeast to the northwest side of the channel could have dramatic effects on742

circulation and fish stocks around the Faroe plateau (e.g. Hansen & Jákupsstovu, 1995).743

Altimetric observations and images of sea-surface temperature imply that semi-permanent744

meanders tend to repeatedly form at specific locations (Chafik, 2012; T. J. Sherwin et745

al., 2006). Development of these meanders is probably forced by a wide range of processes,746

such as atmospheric variations and intermittent overflow events at the Faroe Bank Chan-747

nel and across the Wyville Thomson Ridge (e.g. Chafik, 2012; Meincke & Kvinge, 1978;748

Ullgren, Fer, Darelius, & Beaird, 2014). Eddy-resolving numerical circulation models re-749

produce some of these observations (Broadbridge & Toumi, 2015; Oey, 1997). In future,750

an understanding of the formation and longevity of these meanders, as well as their ef-751

fect on transport at depth, could be improved by ongoing development of eddy-resolving752

models that are informed by observational time series.753

The seismic images described and analyzed here represent a time series that is un-754

precedented in its ability to link generation and growth of a meander with its influence755

on submesoscale structure and on turbulent mixing. This study also demonstrates the756

potential of time-lapse seismic imaging to provide unrivalled observations of the energy757

cascade over hitherto inaccessible length scales. Both existing and newly acquired seis-758

mic records could be used to map interactions between mesoscale and turbulent motions759

over substantial tracts of the oceanic realm.760

7 Conclusions761

54 seismic reflection images of thermohaline structure in the deep (& 800 m) Faroe-762

Shetland Channel have been constructed from parallel transects acquired during July-763

August 1997. These transects were obtained in a sequential manner so that adjacent tran-764

sects are separated by ∼ 300 m in the cross-channel direction and by ∼ 1 day in time.765

The images thus represent a time-lapse series of observations within a small spatial area.766

A band of bright reflections at depth dominates most images. Comparison with inde-767

pendent CTD casts shows that these reflections are predominantly caused by temper-768

ature changes within a pycnocline that separates warm, near-surface waters from cold769

waters at depth. Temporal changes in pycnoclinic depth and in reflective tilt are quan-770

tified by analyzing changes in seismic amplitude and by automatically tracking reflec-771

tions, respectively. These changes are consistent with northeastward passage of an an-772
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ticyclonic vortex through the region of interest. Comparison with coincident satellite mea-773

surements of sea-surface temperature and of sea-surface height suggests that this vor-774

tex is caused by meandering of the Continental Slope Current. Modeling of these seis-775

mic and satellite observations suggests that the fully formed vortex has a radius of 40–776

50 km, a volume of (2.3–4.9)×1012 m3 and an energy of 0.5–1.5 PJ. It is advected north-777

eastward at a speed of 0.01–0.1 m s−1. Spectral analysis of the turbulent subrange of778

tracked seismic reflections suggests that passage of the vortex may produce changes in779

the strength of mechanical mixing. However, it is not possible to conclude with any cer-780

tainty that changes in spectral amplitude are due to variations in the intensity of tur-781

bulence rather than to changes in buoyancy frequency. Estimated values of the diapy-782

cnal diffusivity, K, fall within the range 10−5.7–10−5.0 m2 s−1. This seismic study is a783

novel approach to analyzing the effect of a meander on thermohaline structure at depth784

within the Faroe-Shetland Channel. Fluxes of heat and salt through the channel will be785

significantly affected on time scales of months by vortices of this size. Time-lapse three-786

dimensional seismic reflection surveys are unprecedented in their ability to capture rapid787

variations in fine-scale structure over horizontal scales of O(101)–O(104) m. This unique788

ability should permit detailed investigation of the energy cascade that links mesoscale789

activity to the internal wave field and to turbulent dissipation.790
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Figure 2. Hydrographic profiles from 26 CTD casts acquired during June-September 1997

(see Figure 1b for location). (a) Conservative temperature, Θ, plotted as function of depth. Black

line = profile for CTD cast shown as yellow circle on Figure 1b that is used to compute synthetic

seismogram shown in panel (i); gray lines = profiles for other CTD casts. (b) Absolute salinity,

SA, plotted as function of depth. (c) Buoyancy frequency, N , plotted as function of depth where

profiles have been smoothed using boxcar filter with length of 100 m. cph = cycles per hour. (d)

Θ–SA diagram. NSDW = Norwegian Sea Deep Water (purple); NSAIW = Norwegian Sea Arctic

Intermediate Water (dark blue); MEIW = Modified East Icelandic Water (light blue); MNAW

= Modified North Atlantic Water (orange); NAW = North Atlantic Water (red). Water mass

interpretation based on temperature and salinity ranges from Hansen and Østerhus (2000). (e)

in situ density, ρ, as function of depth. (f) Potential density, ρθ, as function of depth. (g) Sound

speed, c, as function of depth. (h) Acoustic impedance, I, as function of depth. (i) Synthetic seis-

mogram computed from CTD cast highlighted by black line in panels (a)–(h). Red/blue stripes

= positive/negative acoustic amplitudes.
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Figure 3. Water mass identification on seismic images. (a) Seismic image of transect A9

plotted as function of range and depth (see transect marked by black dot on Figure 1c for lo-

cation). Red/blue stripes = positive/negative acoustic amplitudes. Vertical exaggeration is 10

times. Note that range is measured from most southwesterly point on images presented here

and in later figures. (b) Qualitative hydrographic interpretation of panel (a). Yellow overlay =

Faroe-Shetland Channel Upper Water (FSCUW); blue overlay = pycnocline; purple overlay =

Faroe-Shetland Channel Bottom Water (FSCBW). Note that boundaries between water masses

are more gradational than indicated here. Black box indicates location of panel (c). (c) Magnified

portion of panel (b) that shows anastomosing internal waves. (d)–(f) Seismic image, interpre-

tation and magnified portion of transect A17. Note internal waves and prominent submesoscale

vortex within pycnocline. (g)–(i) Seismic image, interpretation and magnified portion of transect

A26. Note spectacular non-linear internal waves with amplitudes of up to 30 m.
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Figure 5. Identification of pycnocline. (a) Seismic image of transect B14 excluding outer-

most 1 km on each side (see transect indicated by black diamond on Figure 1c for location).

(b) Same image that shows absolute seismic amplitudes. (c) Same image that shows vertically

smoothed absolute amplitudes. (d) Horizontally averaged absolute amplitudes as function of

depth calculated from panel (c). (e) Horizontally averaged absolute amplitudes as function of

depth normalized by mean value of amplitudes at shallower depths. Blue circle with error bar

= depth, z1, of upper boundary of pycnocline. (f) Horizontally averaged absolute amplitudes as

function of depth normalized by mean value of amplitudes at greater depths. Red circle with er-

ror bar = depth, z2, of lower boundary of pycnocline. (g)–(l) Same for seismic image of transect

B19. (m)–(r) Same for seismic image of transect B25.
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Figure 6. Estimation of tilt of reflections and of diapycnal diffusivity. (a) Seismic image of

transect B14 (see transect marked by black diamond on Figure 1c for location). Pair of horizon-

tal dashed lines demarcate upper boundary, z1, and lower boundary, z2, of identified pycnocline

(see Figure 5). (b) Automatically tracked reflections on image, each of which is > 2 km in length,

between depths of z1 and z2. Value of mean tilt, 〈tan(γ)〉p, is given at bottom right. (c) Mean

power of horizontal gradient of vertical displacement of tracked reflections from panel (b), 〈φξx〉p,

as function of horizontal wavenumber, kx. Thick/thin black lines = average values of 〈φξx〉p ± 1σ;

blue line = identified turbulent subrange; dashed red line = fitted gradient of +1/3; gray retic-

ule = gradient of +1/3; vertical dashed line = white noise cut-off. Estimated value of log10(K)

and its uncertainty shown in top left-hand corner. Note that this uncertainty only accounts for

expected variation in buoyancy frequency and for error in straight line fitting. (d)–(f) Same for

transect B19. (g)–(i) Same for transect B25.
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Figure 7. Temporal evolution of pycnoclinic depth, reflection tilt, and diapycnal diffusivity.

(a) Depth, z1, of upper boundary of seismically imaged pycnocline as function of time for 27

transects of Sector A. Solid circles and vertical bars = individual measurements and uncertainties

obtained from amplitude analysis of each image. (b) Depth, z2, of lower boundary of pycnocline

as function of time for Sector A. (c) Mean gradient, 〈tan(γ)〉p, of tracked reflections > 2 km

long that lie between z1 and z2 as function of time for Sector A. Horizontal dashed line repre-

sents 〈tan(γ)〉p = 0; right-hand y-axis shows calculated change in out-of-plane component of

geostrophic velocity, (∆Up)⊥, across pycnocline with labeled direction of flow; vertical bars =

standard deviation of 〈tan(γ)〉p. (d) Diapycnal diffusivity, K, as function of time for Sector A.

Black circles and vertical bars = log10(K) ± 1σ estimated from identified turbulent subranges

that have gradient of +1/3 ± 0.3; open circles and vertical bars = log10(K) ± 1σ estimated from

other turbulent subranges; right-hand y-axis shows equivalent values of turbulent dissipation rate,

ε. Note that uncertainty for log10(K) only accounts for expected variation in buoyancy frequency

and for errors in straight line fitting. (e)–(h) Same for 27 transects of Sector B.
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Figure 8. Cartoons that show expected changes in pycnoclinic depth, z2, and reflection tilt,

〈tan(γ)〉p, for cyclonic and anticyclonic vortices that translate along channel. Note that diagrams

are not to scale. (a) Plan view of cyclonic vortex translating northeastward (C-NE). Solid circle

with arrows = vortex at initial time; dashed circle with arrows = vortex at final time; red box =

locus of seismic survey. (b) Solid line = expected change of z2 as function of time; dashed line =

unperturbed pycnoclinic depth. (c) Solid line = expected change of 〈tan(γ)〉p as function of time;

dashed line shows 〈tan(γ)〉p = 0; 〈tan(γ)〉p < 0 corresponds to southeastward flow; 〈tan(γ)〉p > 0

corresponds to northwestward flow. (d)–(f) Cyclonic vortex that translates southwestward (C-

NE). (g)–(i) Anticyclonic vortex that translates northeastward (A-NE). (j)–(l) Anticyclonic vortex

that translates southwestward (A-SW).
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Figure 9. Calculations for optimal vortical geometry by fitting values of pycnoclinic depth,

z2, and mean reflection tilt, 〈tan(γ)〉p. (a) Solid circles with vertical bars = values of z2 and

their uncertainties as function of time; solid line = best-fitting relationship for model fitted to

〈tan(γ)〉p (see Equation (17)). (b) Solid circles with vertical bars = values of 〈tan(γ)〉p and

their uncertainties as function of time; solid line = best-fitting relationship; dashed line shows

〈tan(γ)〉p = 0. (c) Misfit between observed and calculated values of 〈tan(γ)〉p plotted as function

of Tg and t0 for given value of V1. Red cross = locus of global minimum. (d) Same as function of

t0 and V1 for given value of Tg. (e) Same as function of V1 and Tg for given value of t0. (f) Solid

circles with vertical bars = values of z2 as function of time; solid line = best-fitting relationship

(see Equation (18)). (g) Solid circles with vertical bars = values of 〈tan(γ)〉p as function of time;

solid line = best-fitting relationship for model fitted to z2; dashed line shows 〈tan(γ)〉p = 0. (h)

Misfit between observed and calculated values of z2 plotted as function of Tg and t0 for given

value of V1. Red cross = locus of global minimum. (i) Same as function of t0 and V1 for given

value of Tg. (j) Same as function of V1 and Tg for given value of t0.
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Figure 10. Sea-surface temperature and geostrophic current measurements. (a) Satellite

image of sea-surface temperature for Year Day 212. Blue/white/red colors = sea-surface tem-

perature variation calculated from . 8 individual passes of AVHRR satellite over course of single

day (see scale bar at bottom left-hand side); gray polygons = regions obscured by cloud; black

polygons = land; yellow box with black outline = locus of seismic survey where color indicates

coincident seismic acquisition; inset panel shows set of seismically derived z2 measurements

where black circles/line = values up to and including Year Day 212; gray circles/line = future

values). (b)–(d) Same for Year Days 221, 224 and 225. (e) Same for Year Day 226. Transect

with black/red arrows = cross-track geostrophic velocity component estimated from sea-surface

altimetric data acquired by single pass of TOPEX/Poseidon satellite (red arrows denote mea-

surements used in Figure 11). Note scale at bottom right-hand side. (f) Same for Year Day 229.

(g)–(i) Same for Year Days 236, 245 and 246. Gray box with black outline = locus of seismic sur-

vey where color indicates point in time when seismic acquisition ended. Satellite images courtesy

of NEODAAS; altimetric records courtesy of RADS.
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Figure 11. Sea-surface height anomalies and cross-track geostrophic velocity measurements.

(a) Black/open circles and vertical bars = selected smoothed sea-surface height anomalies, η7,

and associated uncertainties as function of along-track distance, x, for Year Day 226 (measure-

ments are colocated with red arrows shown in 10f); dashed horizontal line = 0 m; horizontal

bar labeled S = approximate locus of seismic survey at x = 0 km. (b) Black/open circles and

vertical bars = corresponding cross-track altimetric geostrophic velocities, usg⊥ , and associated

uncertainties as function of x that show anticyclonic flow; black line = best-fitting relationship

(see Equation (20)); dashed horizontal line = 0 m s−1; usg⊥ < 0 m s−1 = northwestward flow;

usg⊥ > 0 m s−1 = southeastward flow. (c)–(e) Slices through misfit function as function of Rg, x0

and Vg. Red cross = locus of global minimum.
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B Reflective Tilt1157

B.1 Effect of Current on Imaged Tilting1158

The influence of advection along the channel axis on the tilt of imaged fine-scale

structure is investigated using a simple model, in which the effects of repeated cmp sam-

pling are ignored. Thermohaline structure is advected with an in-plane component of

current velocity that is denoted by uc. This structure is imaged by a vessel moving at

speed uv. In a time t, the vessel travels a distance x = uvt across the sea surface. Over

this distance, the vessel images advected fine-scale structure that has a total length of

xf = (uv−uc)t. The imaged fine-scale structure has an actual gradient, tan(γf ), that

is given by

tan(γf ) =
∆z

xf
, (B.1)

where ∆z is change in depth across a horizontal distance, xf . tan(γ) estimated from the

seismic image is given by

tan(γ) =
∆z

x
=

(
1− uc

uv

)
tan(γf ). (B.2)

If thermohaline structure is advected in the same direction as vessel motion (i.e. uc

uv
>1159

0), reflective gradients will be underestimated. If thermohaline structure is advected in1160

the opposite direction to vessel motion (i.e. uc

uv
< 0), reflective gradients are overesti-1161

mated. Taking extremal values of uc = 1 m s−1 and uv = 2 m s−1, tan(γ) = 0.5 tan(γf )1162

for uc

uv
> 0 and tan(γ) = 1.5 tan(γf ) for uc

uv
< 0.1163

B.2 Rossby Radius of Deformation1164

The value of LR is estimated by approximating the density structure of water within

the Faroe-Shetland Channel using a two-layer model (e.g. Gerkema, 1996). Upper and

lower layers have depths of H1 and H2 and densities of ρ1 and ρ2, respectively. LR is given

by

LR =

√
g′H

f
, (B.3)

where H ≈ H1 ≈ H2 and f is the Coriolis parameter. g′ is reduced gravity, which is

given by

g′ =
g∆ρ

ρ
, (B.4)
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where g is gravitational acceleration, ∆ρ = (ρ2 − ρ1) is density contrast between the1165

two layers, and ρ = ρ2 ≈ ρ1. Taking H ≈ 500 m, ∆ρ ≈ 〈∆ρθ〉p = 0.6 kg m−3, ρ ≈1166

ρ̄θ1 = 1027.6 kg m−3 and f ≈ 1.29× 10−4 s−1 yields LR ≈ 13 km.1167

B.3 Estimation of Geostrophic Shear1168

Assuming geostrophic balance, the change in the out-of-plane (i.e. northwest-southeast)

component of geostrophic velocity across the pycnocline, (∆Up)⊥, can be estimated from

a single seismic image using

(∆Up)⊥ =
g

f

〈µ〉p 〈∆ρθ〉p
〈ρθ〉p

〈tan(γ)〉p , (B.5)

where ⊥ indicates the out-of-plane component (Sheen et al., 2011; Tang et al., 2014) and1169

µ is the ratio of the fractional change in in situ density to the fractional change in po-1170

tential density across an interface (Sheen et al., 2011; Tang et al., 2014). We estimate1171

a pycnoclinic value of 〈µ〉p = 1.2±0.2 from CTD profiles following the method described1172

by McDougall (1988).1173

Estimated values of (∆Up)⊥ lie within the range of −0.7 to 1.0 m s−1 (Figure 7).1174

Corresponding magnitudes of out-of-plane shear across the pycnocline are . 4×10−3 s−1.1175

Numerical uncertainties for values of (∆Up)⊥ are estimated by combining errors asso-1176

ciated with 〈µ〉p, 〈∆ρθ〉p, 〈ρθ〉p and 〈tan(γ)〉p in quadrature. Cumulative uncertainties1177

are smaller than ±0.5 m s−1. Note that these uncertainties do not address the validity1178

of a geostrophic approximation. Estimates of (∆Up)⊥ are limited to the pycnocline since1179

reflections are visible only at these depths. Absolute geostrophic velocities cannot be es-1180

timated since there is no reliable level of known motion.1181

C Estimations of Diapycnal Diffusivity1182

C.1 Noise Suppression1183

We minimize the effect of ambient and harmonic noise on horizontal spectra com-1184

puted from seismic images by following the approach of Holbrook et al. (2013). Spec-1185

tral content is determined by using signal-to-noise ratios and direct data transforms. To1186

identify frequency bands that are least affected by white noise, we applied a trapezoidal1187

band-pass frequency filter with a central width of 10 Hz (e.g. corner frequencies of 10–1188

20–30–40 Hz) to seismic records before stacking. Turbulent subranges were most clearly1189
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imaged for the frequency range ∼ 30–80 Hz, for which signal-to-noise ratios > 4 were1190

found. Signal at frequencies > 80 Hz contained little power and therefore no filtering1191

aside than application of the initial low-cut (< 30 Hz) Butterworth filter was carried1192

out. Use of different frequency filters does not significantly affect the results.1193

This strategy acts to suppress the effects of ambient noise as far as possible. How-1194

ever, some direct data transforms contain spikes caused by harmonic noise (Holbrook1195

et al., 2013). This form of noise is caused by periodic variations in the length of acous-1196

tic ray paths between cmps. Holbrook et al. (2013) use a notch filter to remove sharply1197

defined spikes. Here, we do not apply a notch filter since we found that harmonic noise1198

does not adversely affect reflections that are deeper than & 300 m.1199

C.2 Frequency-Wavenumber Smearing1200

Horizontal wavenumber spectra are computed from seismic images under the as-

sumption that fine-scale structure is stationary over the time taken to image an individ-

ual tracked reflection. If fine-scale structure is not stationary, finite sampling speed will

smear variability in frequency space into variability in horizontal wavenumber space (Klaeschen

et al., 2009). Energy at wavenumber kx is smeared to a new wavenumber, k′x, which is

given by

k′x = kx −
fs
uv
, (C.1)

where fs is the frequency of oscillation of imaged structure and uv is vessel speed in the1201

direction of propagation of fine-scale structure (Rudnick & Cole, 2011; E. Vsemirnova,1202

Hobbs, Serra, Klaeschen, & Quentel, 2009). The effects of repeated cmp sampling are1203

ignored. If the vessel moves in the same direction as the current but at a higher speed,1204

power is shifted to lower wavenumbers (Garrett & Munk, 1972). If the vessel travels against1205

the current, power is shifted to higher wavenumbers. Taking the most extreme but still1206

physically reasonable value of fs = 6 cph and the observed range of 1.8 . uv . 2.5 m s−1,1207

the maximum magnitude of these shifts is estimated to be ∼ 9×10−4 cpm. Turbulent1208

motions at wavenumbers greater than 10−2 cpm are insignificantly affected.1209

C.3 Identification of Turbulent Spectral Subranges1210

We identify turbulent subranges in mean spectra of the horizontal gradient of ver-

tical displacement, 〈φξx〉p, by fitting a model spectrum. This model comprises, in order
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of increasing horizontal wavenumber, a low-wavenumber subrange of variable gradient,

a turbulent subrange of gradient +1/3, and a white noise subrange of gradient +2. Four

parameters control the exact form of the model: the gradient, a, of the low-wavenumber

subrange; the co-ordinates, (b, c), of the intersection point between the low-wavenumber

and turbulent regimes; and the width, d, of the turbulent subrange. The model is fit-

ted by defining a misfit function

MA1 =

D∑
i=1

[[
log10(φmξx)

]
i
−
[
log10(〈φξx〉p)

]
i

]2
, (C.2)

where φmξx is the model and D is the number of points in the power spectrum. Best-fitting1211

values of a, b, c and d are found by minimizing MA1 using Powell’s conjugate direction1212

algorithm (M. J. D. Powell, 1964). We note that fitting a model of this form implicitly1213

assumes a sharp transition between the low-wavenumber (i.e. internal wave) and tur-1214

bulent spectral subranges. The exact nature of this transition is uncertain and it is pos-1215

sible that internal waves and turbulence co-exist at intermediate scales (D’Asaro & Lien,1216

2000; Falder et al., 2016; Klymak & Moum, 2007a, 2007b). Nevertheless, at sufficiently1217

high wavenumbers away from the transition, it is straightforward to identify spectral sub-1218

ranges that clearly belong to the turbulent regime.1219

C.4 Error Analysis1220

Numerical uncertainties in estimated values of K depend on uncertainties in ĉ, 〈N〉p,

Γ and CT . Error in the fitted intercept of a straight line of fixed gradient is given by

σĉ =

√
1∑D

i=1
1
σ2
i

, (C.3)

where σĉ is the error on ĉ, σi is the standard deviation on the ith point of the mean spec-

trum 〈φξx〉p, and D is the total number of points in the mean spectrum. Estimated σĉ

are in the range 0.017–0.1. Errors in ĉ and 〈N〉p are combined in quadrature to yield

(σK)2 =

(
3

2
σĉ

)2

+

(
log10(e)

σ 〈N〉p
〈N〉p

)2

, (C.4)

where σK and σ 〈N〉p are the uncertainties in log10(K) and 〈N〉p, respectively, and it1221

has been assumed that σĉ and σ 〈N〉p are normally distributed. For σĉ in the range 0.017–1222

0.1 and 〈N〉p = 2.0 ± 0.3 cph, errors on log10(K) are in the range ∼ 0.07–0.17 log-1223

arithmic units. If, instead of the value of 〈N〉p = 2.0 ± 0.3 cph estimated from CTD1224

casts, a value of 〈N〉p = 2 ± 1 cph is used, uncertainties in log10(K) are in the range1225

∼ 0.22–0.26 logarithmic units.1226
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In assessing the the effect of uncertainties in Γ and CT , we do not formally prop-1227

agate errors because the underlying probability distributions are not accurately deter-1228

mined. Instead, the effects of choosing the lower and upper bounds given by Sreenivasan1229

(1996) and Mashayek et al. (n.d.) are explored. Taking lower and upper bounds of Γ =1230

0.1 and Γ = 0.4, respectively, implies that assumption of a constant value of Γ = 0.21231

introduces an uncertainty in log10(K) of . 0.15 logarithmic units as shown by1232

log10(K) = −1

2
log10(Γ) +A (C.5)1233

= (0.5 +A) logarithmic units for Γ = 0.1 (C.6)1234

≈ (0.35 +A) logarithmic units for Γ = 0.2 (C.7)1235

≈ (0.2 +A) logarithmic units for Γ = 0.4, (C.8)1236
1237

where A includes all terms that are independent of Γ. A similar analysis shows that, for1238

CT in the range 0.3–0.5, assumption of constant CT = 0.4 introduces uncertainties in1239

log10(K) of up to 0.1 logarithmic units.1240
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